Abstract. In order to use knowledge of past climate change to improve our understanding of the sensitivity of the climate system, detailed knowledge about the time development of radiative forcing (RF) of the earth atmosphere system is crucial. In this study, time series of anthropogenic forcing of climate from pre-industrial times until 2010, for all well established forcing agents, are estimated. This includes presentation of RF histories of well mixed greenhouse gases, tropospheric ozone, direct-and indirect aerosol effects, surface albedo changes, stratospheric ozone and stratospheric water vapour. For long lived greenhouse gases, standard methods are used for calculating RF, based on global mean concentration changes. For short lived climate forcers, detailed chemical transport modelling and radiative transfer modelling using historical emission inventories is performed. For the direct aerosol effect, sulphate, black carbon, organic carbon, nitrate and secondary organic aerosols are considered. For aerosol indirect effects, time series of both the cloud lifetime effect and the cloud albedo effect are presented. Radiative forcing time series due to surface albedo changes are calculated based on prescribed changes in land use and radiative transfer modelling. For the stratospheric components, simple scaling methods are used. Long lived greenhouse gases (LLGHGs) are the most important radiative forcing agent with a RF of 2.83±0.28 W m −2 in year 2010 relative to 1750. The two main aerosol components contributing to the direct aerosol effect are black carbon and sulphate, but their contributions are of opposite sign. The total direct aerosol effect
Introduction
Since the industrial revolution, anthropogenic activities have altered the concentrations of components in the atmosphere, some of which impact the radiative balance of the earth system. Long-lived greenhouse gases, primarily carbon dioxide (CO 2 ) but also methane (CH 4 ), nitrous oxide (N 2 O) and halocarbons are the most important anthropogenic climate forcing agents (Forster et al., 2007) , but short lived components like tropospheric ozone and black carbon aerosols cause also a significant heating of the climate system. Sulphate, organic carbon and nitrate form short lived aerosols that scatter solar radiation and thus lead to a cooling of the climate system through the direct aerosol effect. In addition, the aerosols can alter the cloud properties, causing indirect aerosol effects (Twomey, 1977; Albrecht, 1989) . Also, changes in stratospheric water vapour and ozone in the stratosphere as well as anthropogenic changes to the properties of the land surface give a radiative forcing on the climate system (Forster et al., 2007) .
R. B. Skeie et al.: Anthropogenic radiative forcing time series
In order to understand recent climate change, knowing the radiative forcing time series for climate forcers is important. Not only radiative forcing at the present time, relative to the pre-industrial era, as is often presented in radiative forcing studies (e.g Gauss et al., 2006; Schulz et al., 2006) , is of interest, but also how the radiative forcing has developed over time Takemura et al., 2006; Hansen et al., 2007) . Also for future climate change, knowledge of what has happened in the past is important. Climate sensitivity, the equilibrium surface temperature change following a doubling of the CO 2 concentration, is a highly uncertain but very important parameter for future climate change prediction (Knutti and Hegerl, 2008) . To constrain the climate sensitivity, based on simple climate models and observed temperature change, knowledge of the historical development in the total radiative forcing is crucial (Tanaka et al., 2009) .
In this study, we present time series of the radiative forcing, from pre-industrial times until 2010, for the main anthropogenic components which influence climate. The concentration increases of well mixed greenhouse gases since pre-industrial times are well known from ice core drilling (e.g. MacFarling Meure et al., 2006) and in situ observations, from which RF time series can be calculated. For short lived components, there is a lack of spatial and temporal coverage in observations. Based on surface radiation measurements, a decrease of solar radiation from the early 1960s up to the late 1980s was found (Ohmura and Lang, 1989) , and at the end of the 20th century a surface solar brightening at numerous stations in Europe and the United States was observed (Wild et al., , 2009 ), related to a decline in anthropogenic emissions of short lived aerosols and aerosol precursors. Historical emission inventories show that there has been a spatial shift in the distribution of emissions. For example, sulphur dioxide emissions peaked in Europe and North America in the 1970s, while emissions in Eastern Asia continuously increased over the 20th century . For carbonaceous aerosols emitted from fossil fuel and biofuel combustion, a similar pattern is found, with the industrialized countries having a large share of the emissions in the first part of the 20th century and the developing countries a larger share at the end of the century (Bond et al., 2007) .
The main focus of this work is on the short lived components, tropospheric ozone and aerosols. The anthropogenic aerosols included are sulphate, primary organic carbon and black carbon of both fossil fuel and biomass burning origin, secondary organic aerosols and nitrate. Due to their short atmospheric lifetime, the changes in the geographical pattern of the emissions change the geographical distribution of the components. Since the RF depends significantly on location, and there is significant co-variance with clouds and humidity, detailed atmospheric chemistry and aerosol modelling are needed to calculate RF for the short lived species. We use a chemical transport model (CTM) to calculate the concentration changes of aerosols and tropospheric ozone due to anthropogenic activities and a radiative transfer model for calculating RF time series. The historical emission inventory of Lamarque et al. (2010) is used, which is also used in the historical CMIP5 (Coupled Model Intercomparison Project Phase 5) simulations for IPCC fifth assessment report.
We present radiative forcing time series due to anthropogenic activities from pre-industrial times until present. Compared to previous works Takemura et al., 2006; Hansen et al., 2007) the RF time series of short lived climate components are based on revised emission inventories , detailed modelling by a CTM and radiative transfer modelling, and the time period considered is extended to 2010. The paper is organized as follows. In Sect. 2 the methods used for calculating the RF trends are described and in Sect. 3 the results and RF time series are presented. At the end of Sect. 3 the simulated changes in radiation in different regions of the world are compared with the observed global radiation compiled in the Global Energy Balance Archive (GEBA). In Sect. 4 the results are discussed and the summary and conclusions are given in Sect. 5.
Methods
In this section the methods used for calculating the radiative forcing time series are described.
Long lived greenhouse gases
The radiative forcing time series for the long lived greenhouse gases (LLGHG) is calculated based on simplified expressions from Myhre et al. (1998 ) and IPCC 2001 (Ramaswamy et al., 2001 ), using historical concentrations based on observational data as input. For halocarbons we use the updated radiative efficiencies given in Table 2 .14 in IPCC 2007 (Forster et al., 2007) . The time series of the LLGHG concentrations from 1850 until 2010 are downloaded from http://data.giss.nasa.gov/modelforce/ghgases/ (Hansen et al., 1998; Hansen and Sato, 2004) . These concentration series (GISS data) are based on ice core data and in situ measurements. The concentration time series are extended backwards from 1850 to 1750 using ice core data from Etheridge et al. (1996) for CO 2 and from Etheridge et al. (1998) for CH 4 (the same ice core data as used in the GISS data), which were reproduced by a more recent study from MacFarling Meure et al. (2006) . For N 2 O, MacFarling Meure et al. (2006) found lower pre-industrial concentrations than what is specified in the GISS data (Machida et al., 1995) . The two ice cores have similar N 2 O concentrations back to 1900. We have used the MacFarling Meure et al. (2006) data from 1900 and back to 1750.
Tropospheric ozone and aerosols
The OsloCTM2 model was used for calculating the concentration changes of tropospheric ozone (O 3 ) and aerosols.
Atmos. Chem. Phys., 11, 11827-11857, 2011 www.atmos-chem-phys.net/11/11827/2011/ Time slice simulations are done for 1850, 1900 and thereafter every 10th year until 2010. Each time slice simulation is one year long and meteorological data for the year 2006 are used. Each simulation is initialized by the same pre-industrial model climatology and a three year spin up is used. Anthropogenic and biomass burning historical emission data are from Lamarque et al. (2010) . For year 2010 anthropogenic emissions from the Representative Concentration Pathways scenario RCP4.5 (Thomson et al., 2011) are used, which are consistent with the historical emission data . For biomass burning we have used the year 2000 emissions for 2010. In addition, a simulation with pre-industrial emissions has been performed. We use the 1850s emissions from Lamarque et al. (2010) as a basis, switching off all sectors except agriculture, agriculture-and waste burning and the domestic sector, which are reduced to 20 % of the 1850 emissions. This is a larger reduction in emission than scaling with ∼60 % based on global population growth estimated by Goldewijk (2005) . However, a simple scaling factor related to global population does not capture growth in emissions per capita between 1750 and 1850 due to technology improvements, migration and landuse change and we have therefore used a lower factor. For the biomass burning, the emissions are assumed to be half of the 1850s emissions, which is consistent with the total preindustrial emission data from Dentener (2006b) . The total annual emissions are presented in Table 1 . The natural emissions (Table 1) are assumed to be constant throughout the simulation period to separate the anthropogenic contribution. The lightning emissions are based on Price et al. (1997) scaled to 5 Tg N yr −1 and distributed over the year by convection activity data. The natural emissions of CO, NO x , and hydrocarbons from vegetation, ocean and soil are from the POET emission inventories . The isoprene and biogenic volatile organic compounds (VOCs) important in SOA formation are as used in Hoyle et al. (2009) . The natural emissions of sulphur species are as described in Berglen et al. (2004) except that we use the parameterizations of the DMS flux from Nightingale et al. (2000) and emission from continuous degassing volcanoes from Dentener et al. (2006b) .
OsloCTM2 is an off-line atmospheric chemistry transport model, driven by meteorological data generated by the Integrated Forecast System (IFS) model at the European Centre for Medium-Range Weather Forecasts (ECMWF). The resolution of the model used in this study is T42, (approximately 2.8 • ×2.8 • ) with 60 vertical layers ranging from the surface up to 0.1 hPa. In this study we include the tropospheric chemistry scheme (Berntsen and Isaksen, 1997; Dalsøren et al., 2010) , as well as modules for sulphate, nitrate, black carbon, primary organic carbon, secondary organic aerosols, mineral dust and sea salt.
The sulphur chemistry scheme is coupled with the oxidant chemistry (Berglen et al., 2004) . For black carbon (BC) and primary organic carbon (OC), a simple bulk scheme is used Rypdal et al., 2009; Skeie et al., 2011) , with the aging time dependent on season and latitude (Skeie et al., 2011) . We treat OC and BC from fossil fuel and biofuel (FFBF) and biomass burning (BB) separately. Time series of RF for FFBF BC are presented in Skeie et al. (2011) , and therefore we do not focus on FFBF BC in this study. We also include a scheme for secondary organic aerosols (SOA), where secondary organic aerosols are formed by condensation of the oxidation products of hydrocarbons (Hoyle et al., 2007) . We allow the semi-volatile species to partition to ammonium sulphate aerosols as well as existing organic aerosols. For nitrate, a thermodynamical model for treatment of gas/aerosol partitioning of semi-volatile inorganic www.atmos-chem-phys.net/11/11827/2011/ Atmos. Chem. Phys., 11, 11827-11857, 2011 aerosols is used based on the EQUSAM model (Metzger et al., 2002) . Chemical equilibrium between inorganic compounds is simulated, including sea salt. The nitrate module used is described in Myhre et al. (2006) and the sea salt module in Grini et al. (2002) . Nitrate is separated in a coarse and a fine mode, for separating the radiative properties of the nitrate aerosols. In the OsloCTM2, the mineral dust emissions are driven by wind , and we do not include anthropogenic changes to the soil erodibility, so no changes in the dust emissions are assumed for the historical time period in this study. In the stratosphere monthly model climatological values of ozone and nitrogen species are used, except in the 3 lowermost layers in the stratosphere (approximately 2.5 km) where the tropospheric chemistry scheme is applied to account for photochemical O 3 production in the lower stratosphere due to emissions of NO x , CO and VOCs. The chemistry module has been evaluated in Søvde et al. (2008; , references above, as well as in multi model studies (Dentener et al., 2006a; Gauss et al., 2006; Shindell et al., 2006b; Stevenson et al., 2006; Fiore et al., 2009 ). Remark that changes in the model have been included since these multi model studies were preformed where OsloCTM2 overestimated O 3 in the tropics. The model has been involved in the AeroCom aerosol multi model comparison project Schulz et al., 2006; , and the aerosol module has been validated against in situ measurements and remote sensing data . Myhre et al. (2009) found that the mean pattern of aerosol optical depth from the model is broadly similar to the AERONET network of ground-based sun photometers and satellite retrievals.
The optical properties for the direct aerosol effect simulations are described in Myhre et al. (2007a) . Radiative forcing is calculated for the concentration changes by adopting the DISORT radiative transfer model (Stamnes et al., 1988; Myhre et al., 2007a) in offline calculations. The radiative transfer simulations are performed with 8 streams. The meteorological data including the cloud data are the same as used in OsloCTM2. For tropospheric O 3 a broadband code for long wave radiation and the DISORT code for short wave radiation is used .
The cloud albedo effect has been simulated using the approach from Quaas et al. (2006) . They established a relationship between the concentration of cloud droplets and aerosols based on Moderate Resolution Imaging Spectroradiometer (MODIS) data. All hydrophilic aerosols, including natural aerosols such as sub-micron size sea salt, sulphate, nitrate, primary and secondary organic aerosols are included in this approach. The changes in the concentration of cloud droplets alter the cloud effective radius and thus the optical properties of the clouds. The radiative forcing is calculated using the same radiative transfer model as described above. This approach for the cloud albedo effect is restricted to water clouds.
For the cloud lifetime effect, the RF time series is created in a simple way by scaling the best estimate of the current RF given in the review by Isaksen et al. (2009) who established, based on published estimates using models and satellite data, a best estimate and an uncertainty range for the cloud lifetime effect in 2007 relative to pre-industrial times. The cloud lifetime effect is scaled back in time using the RF time series for the cloud albedo effect. Rotstayn and Penner (2001) find, in a GCM study, that the magnitude and spatial distribution of the cloud albedo effect and cloud lifetime effect were similar. This indicates that both processes are governed by the change in aerosol concentrations without any strong non-linear effects and thus that a simple linear scaling is a reasonable approach.
Stratospheric forcing agents
Due to the increase in ozone depleting components, stratospheric O 3 has decreased over the latter part of 20th century (Douglass et al., 2011) . Time slice simulations with OsloCTM2 including stratospheric chemistry were not performed. Søvde et al. (2011) performed simulations of stratospheric O 3 in the year 2000, relative to 1850, using OsloCTM2 including stratospheric chemistry. The resulting RF estimates were separated for source and source regions. Estimates were separated for changes in ozone due to tropospheric O 3 precursors and changes in ozone due to chlorine and bromine components. The estimates were also separated for ozone changes occurring in the troposphere and for changes occurring in the stratosphere. The estimated RF due to chlorine and bromine, was −0.20 W m −2 in the stratosphere and −0.06 W m −2 in the troposphere. We scale this total RF from chlorine and bromine (−0.26 W m −2 ) with a time series of equivalent effective stratospheric chlorine (EESC) (Daniel and Velders, 2007 ) which we will call stratospheric O 3 RF. So in this study we separate the RF of ozone due to emissions of ozone depleting components, labelled stratospheric O 3 RF, and RF due to emissions of ozone precursors, labelled tropospheric O 3 RF, even if the changes are not restricted to the troposphere or stratosphere. The scaling of EESC with a present day RF is a simple approach to construct the RF time series assuming linearity of stratospheric O 3 RF. Forster and Shine (1997) investigated the linearity of stratospheric O 3 forcing, and found the RF was quite linear, within 7 %, with the magnitude of the ozone depletion.
The increased amount of CH 4 in the stratosphere will increase stratospheric water vapour (H 2 O) when it is oxidised. Due to the low amount of water vapour in the stratosphere, and water vapour being a strong greenhouse gas, this will give a RF. The RF of stratospheric water vapour for 2005 relative to pre-industrial times given in the IPCC 2007 was 0.07±0.05 W m −2 , 15 % of the methane forcing (Forster et al., 2007) . To construct a RF time series of H 2 O in the stratosphere we make a simple assumption assuming a linear relationship between the CH 4 RF and stratospheric H 2 O Atmos. Chem. Phys., 11, 11827-11857, 2011 www.atmos-chem-phys.net/11/11827/2011/ 
Surface albedo changes
The radiative forcing due to land use change is associated with the change in surface albedo due to deforestation for agricultural purposes. We use global data sets of cropland from 1750-2005 (from the updated dataset at www.geog. mcgill.ca/landuse/pub/Data/Histlanduse/ on the basis of Ramankutty and Foley (1999) ) to prescribe changes in cropland during the industrial era. Surface albedo values are provided for 16 vegetation types (Loveland et al., 2000) . We have adopted snow free surface albedo values in the visible and near infrared, calculated using the MODIS albedo product MOD43B3 (Zhou et al., 2003; Gao et al., 2005) . Land use change also influences the hydrological cycle by altering i.e. runoff, evapotranspiration and precipitation (Kvalevag et al., 2010) . These climate effects are considered as climate feedback mechanisms and are not included in this study.
Snow albedo values are calculated using the method in Betts (2000) which includes snow cover, snow depth and a maximum snow albedo values for each vegetation type. The maximum snow albedo values are latitude-average snow covered surface albedo retrieved by MODIS (Gao et al., 2005) . We also consider the zenith angle dependent surface albedo for snow free conditions using the approach from Hou et al. (2002) where the zenith angle dependency is either strong or weak for different vegetation types, and typically strong for cropland. For snow covered vegetation we use the zenith angle dependency method introduced by Briegleb (1992) which uses a constant surface albedo for zenith angles below 60 degrees but varies for zenith angles above 60 degrees.
The atmospheric radiative transfer model used to study land use change is the same as the one used for RF calculations of ozone and aerosols.
The RF time series of the snow albedo effect due to black carbon deposited on snow are taken from Skeie et al. (2011) .
Results
In this section we present radiative forcing time series from 1750 to 2010. Unless otherwise stated all RF values presented are relative to year 1750. The long-lived greenhouse gases are first presented and then the tropospheric O 3 results, before the stratospheric components (O 3 and H 2 O). Then we concentrate on each of the aerosol components, sulphate (SO 4 ), organic aerosols (OC+SOA), BC, biomass burning aerosols and nitrate, before presenting the total direct aerosol effect and the indirect aerosol effects. Thereafter, radiative forcing caused by surface albedo changes is presented. Finally, the model results are compared with surface radiation observations from the GEBA database. The time series for each forcing component are plotted in Fig. 1 together with RF estimate for 2010 with an error bar indicating 90 % confidence interval (Fig. 1d) .
Long-lived greenhouse gases
The calculated radiative forcing time series of CO 2 , CH 4 , N 2 O and other LLGHGs (CFCs, HCFCs, HFCs, PFCs and SF 6 ) are presented in Fig. 1a . The RF of CO 2 has increased almost continuously over the whole time period except for one period around 1940-1950 the reason of which is still under debate (Trudinger et al., 2002; MacFarling Meure et al., 2006; Rafelski et al., 2009 ). The RF of CO 2 has increased rapidly since 1950, from 0.62 W m −2 to 1.82 W m −2 in 2010. Over the last five years, the CO 2 RF increased by 8.1 %. The RF of CH 4 has flattened out over the last decades, with a value of 0.49 W m −2 in 2010. However, a renewed increase in the CH 4 concentrations in the last couple of years has been observed (Rigby et al., 2008) . The forcing of N 2 O increased gradually since the beginning of 20th century, reaching 0.17 W m −2 in 2010. Over the last decades, the level of RF of other LLGHGs flattened out, due to the reduction of the emissions of components covered by the Montreal Protocol (Montzka et al., 2011b) . In 2010 the RF of other LLGHG is estimated to be 0.34 W m −2 .
The total RF of LLGHGs is plotted in Fig. 1c . The total RF of LLGHGs in 2010 is 2.83 W m −2 (Fig. 1d ) of which CO 2 contributed 64 %. The RF of LLGHGs has increased by 0.17 W m −2 over the last 5 yr. Compared to Forster et al. (2007) the RF estimate of LLGHGs in 2005 is 0.03 W m −2 (1.1 %) larger in this study, mainly due to 1ppm smaller pre-industrial concentrations of CO 2 in this study. The error bar added for this component has the same relative uncertainty of 10 % as in Forster et al. (2007) , which includes the uncertainties in the RF calculations from concentration changes and uncertainties in the measured concentrations levels, especially the pre-industrial concentrations. The uncertainty in the measured CO 2 concentration today is less than 0.15 ppm and for pre-industrial concentrations the uncertainty is 1.2 ppm (Forster et al., 2007) . The preindustrial values used in our calculations of radiative forcing are 277 ppm for CO 2 , 710 ppb for CH 4 and 271 ppb for N 2 O, while most of the halocarbons are of anthropogenic origin and have therefore no pre-industrial concentration. The RF time series are based on observed concentration changes, and might therefore include geo-chemical feedbacks.
Tropospheric ozone and oxidation capacity
Ozone is produced in the troposphere by oxidation of carbon monoxide (CO), methane (CH 4 ) and non methane hydrocarbons (NMHC) in presence of nitrogen oxides (NO x = NO + NO 2 ) and sunlight. The anthropogenic emissions of these ozone precursors have changed over the industrialized period (Table 1) , and modelling studies show an increase in tropospheric O 3 and thus a positive RF (e.g. Berntsen et al., 2000; Lamarque et al., 2005; Shindell et al., 2006a) . Observational studies have also shown increase in tropospheric ozone (Logan, 1994; Staehelin et al., 1994; Logan et al., 1999; Oltmans et al., 2006; Derwent et al., 2007) .
Tropospheric ozone
The time series of the calculated RF from O 3 is presented in Fig. 1c , showing a steep increase in the decades following the 1950s, and flattening out over the last decades. This results in a RF in 2010 of 0.44 W m −2 (Fig. 1d) , corresponding to 24 % of the CO 2 forcing.
In Table 2 , the global mean tropospheric burden change since 1750 is presented. The largest increase is found between 1950 and 1980 with a 42 % of the total increase in O 3 burden. The total increase is 9.9 DU in 2000 compared to 1850, in line with the range of 7.9 DU to 13.8 DU from the multi model study by Gauss et al. (2006) and the 9 DU increase between 1850 and 2000 found by Lamarque et al. (2010) , who used the same emission inventories as in this study. The total increase between 1750 and 2010 in this study is 11.4 DU.
Most of the burden change occurred after 1950 (Table 2) , and in Fig. 2a and b the absolute and relative differences in the annual zonal mean O 3 between 1950 and 2000 are shown. The largest increase is found in the Northern Hemisphere (NH), where the ozone precursor changes are largest ( Fig. 2c-d) , and the largest relative increase in ozone is found at the surface in the NH (Fig. 2b) . For NO x (lifetime ∼day) the increase is located closer to the surface (Fig. 2c ) than for CO (lifetime ∼month) which has a more homogeneous change in the NH, from the surface and through the troposphere (Fig. 2d) . The NO x concentration has increased at Atmos. Chem. Phys., 11, 11827-11857, 2011 www.atmos-chem-phys.net/11/11827/2011/ high altitude at mid-latitudes in the NH due to convective transport from the boundary layer and emissions from aviation. At high altitudes, above the equator, there is a decrease in the NO x concentrations. This is in the same region as OH decreased ( Fig. 2e ) due to increased loss through reaction with CO and CH 4 leading to increased HO 2 concentration. The decrease in NO x in this region is compensated by an increase in other forms of reactive nitrogen, mainly HO 2 NO 2 , with small contribution from PAN and less contribution from HNO 3 (Fig. 2f) . Figure 3 shows the calculated zonal mean RF for selected years. Tropospheric O 3 RF has a similar distribution for each decade, with a maximum at 20 • N and a secondary maximum at 20 • S (Fig. 3a) . The largest RF in the NH is found in the Middle East, and in the Southern Hemisphere (SH) the strongest RF is located downwind from biomass burning areas.
There are limited observations in space and time that can be used to validate the modelled trend of tropospheric O 3 . During the last decades, surface ozone has been measured at several sites around the world. Figure 4a compares the modelled and observed surface ozone from the Global Atmospheric Watch (GAW) network. The figure compares the decadal median of the observed annual mean and the annual mean from the time slice simulations. The comparison is shown for those stations reporting observations in all three decades. A good representation of ozone at remote stations for the last decades is found with a correlation coefficient of 0.7. In in the SH, the model overestimates the CO concentrations. This might be due to an overestimation of the CO emissions from biomass burning which is the dominant source of CO in the SH or due to a too rapid transport of CO plumes away from the source regions in the model (Hoyle et al., 2011b) . In NH extra tropics, Shindell et al. (2006b) found that models underestimate CO and attributed it to underestimations of CO emissions. Although the anthropogenic CO emissions are larger in this study than in Shindell et al. (2006b) we underestimate the CO in the NH where CO concentrations are higher ( Fig. 4b ) than in SH.
Radiative forcing from ozone is more sensitive to changes in ozone in the free troposphere than to changes close to the surface (Forster and Shine, 1997) . For the current atmosphere, Fig. 5 compares the modelled monthly mean ozone for the year 2000 simulation at three pressure levels 750 hPa, 500 hPa and 250 hPa, with ozone sonde observations in the time period 1980 to 2002 (Logan, 1999; Thompson et al., 2003a; Thompson et al., 2003b) . In the SH, the model underestimates the ozone by about 10-15 ppb, except in the upper tropical troposphere. The model tends to overestimate CO in this region, as stated above. Large parts of the free troposphere in the SH are in a low NO x regime, where CO oxidation leads to ozone loss, and an overestimation of CO could hence give an underestimation of O 3 . The seasonal cycle of ozone is well captured in the southernmost latitude band. Between 30 • S and equator, ozone peaks about a month too early (in August instead of September/October in the observations). The reason for this is not clear, but this is a region influenced by biomass burning, and the biomass burning emissions used in this study represent a decadal mean, which can influence the comparison between model and observations. The amplitude of the seasonal cycle is underestimated at 500 hPa 30-90 • N, which is also found in the multi model study by Stevenson et al. (2006) . They indicated lack of seasonal cycle in the anthropogenic emissions, as is the case for this study as well, and deficiencies in the stratospheric influx as reasons for the underestimation of the seasonal cycle in this latitude band. Apart for those regions mentioned above, the agreement between observations and model is good.
Observational data on long-term trends in tropospheric O 3 is relatively scarce. Oltmans et al. (2006) studied longterm changes from a network of surface and ozone sonde sites, finding significant regional differences in magnitude and even in the sign. Not only changes in emissions of ozone precursors, but also changes in transport patterns could influence the trends. In this work we use the same one-year of meteorological data for each simulation, excluding the possibility of changes in the transport pattern. Changes in the stratosphere, influencing both the transport of ozone rich air from the stratosphere, as well as photolysis, might also influence the trends in tropospheric O 3 . The effect on tropospheric O 3 due to historical changes in stratospheric O 3 , e.g. the observed decline in ozone at the South Pole and in the Arctic (Douglass et al., 2011) is not captured in the time slice simulations. In addition, there is a large interannual variability in stratospheric O 3 , which will influence the comparison with sonde observations. Oltmans et al. (2006) found a significant increase in the 1970s and 1980s over continental Europe and Japan, and thereafter the concentrations levelled off or declined. Figure 6 shows the modelled changes in ozone at the surface (Fig. 6a ) and at 500 hPa (Fig. 6b ) between 1970 and 2000 in % decade −1 . Also shown are the time developments of regional mean surface ozone (Fig. 6c ) and ozone at 500 hPa (Fig. 6d) . Looking at Fig. 6c and 6d, the concentration in Europe increased in the same period as in Oltmans et al. (2006) and flattened out and decreased during Logan (1999) and Thompson et al. (2003a Thompson et al. ( , 2003b . The numbe of sites is given in the top right corner of each plot. The figure is similar as in the multi model study by Stevenson et al. (2006) . Logan (1999) and Thompson et al. (2003a, b) . The number of sites is given in the top right corner of each plot. The figure is similar as in the multi model study by Stevenson et al. (2006) . the last decades. In the model, the ozone concentrations increase more on the western coast than on the eastern coast of North America due to influence of emission increase in Eastern Asia in the recent decades (Fig. 6) . A rapid increase in observed springtime tropospheric O 3 is also observed at the US Pacific coast in the recent years (Parrish et al., 2004; Cooper et al., 2010) which is related to increased Asian emissions. Looking at Fig. 6b , the largest increase in ozone at 500 hPa is in Middle East, South, South East and East Asia between 1970s and year 2000. However, no observed longterm trends in tropospheric O 3 from these regions exist. Lelieveld et al. (2004) published trends in O 3 over the Atlantic from ship-borne measurements from 1977 to 2002. No significant increase in O 3 at high latitudes was found, while larger trends in ozone are found at lower latitudes and in the SH. In the OsloCTM2, the largest trends in the Atlantic are found outside the North African coast with 0.15 ppb yr −1 between 1980 and 2000, a spatial pattern consistent with Lelieveld et al. (2004) . However, the observed increase is 0.5 ppb yr −1 between 20-40 • N a factor of ∼3 larger than the modelled trend. It should be noted that the observations prior to 1995 are sparse in Lelieveld et al. (2004) and the trend may be influenced by the seasonal O 3 trend.
One of the longest records of measured O 3 is from Hohenpeissenberg, Germany (11.0 • E, 47.8 • N, 985 m) and goes back to 1970. The modelled annual surface ozone for this station is plotted together with 12 month running mean of the surface observations in Fig. 7a . In the 1970s and 1980s, the model tends to over predict the observations, while better agreement is found for the last decade. At Arkona (13.4 • E, 54.7 • N) in Northern Germany at the Baltic Sea, surface measurements of O 3 started in the 1950s (German Meteorological Service of the German Democratic Republic). Also here, the ozone increase in the 1970s is not as sharp as observed (Fig. 6b) , however the pre-1972 Arkona data might not be consistent with the later period (Low et al., 1990) due to changes in measurement instruments.
In Switzerland, in Arosa (9.7 • E, 46.8 • N, 1800 m) O 3 measurements were also made in the 1950s. The O 3 concentration increased by a factor of 2.2 between 1950s and 1990 (Staehelin et al., 1994) . From our model results the annual mean concentrations increased by only 45 %, from 32 ppb in 1950s to 46.5 ppb in 1990s. pollutants confounding the measurements make these measurements quantitatively unreliable (Pavelin et al., 1999) . At Pic du Midi (0.15 • E, 49.9 • N) in France at 3000 m altitude, there exist observed ozone from 1874 to 1909 (Marenco et al., 1994) . A stable concentration of 10 ppb was found until 1895 then concentration tends to increase. Combined with observed surface O 3 in the 1990s, this gives a five fold concentration increase at this station. Marenco et al. (1994) summarized other measurement done in the 19th century giving a pre-industrial O 3 level of 10±3.5 ppb. However in our model results, as in a number of previous model simulations (e.g. Wang and Jacob, 1998; Berntsen et al., 2000; Shindell et al., 2006a; Lamarque et al., 2010) we are not able to simulate these low values in the 19th century. As seen in Fig. 6c , the surface ozone in the regions considered ranged between 15 and 18 ppb in 1850. Mickley et al. (2001) showed that reducing the soil and lightning NO x emissions and increasing biogenic VOC emissions in the model gives a better match of the 19th century observations. If this is true, it still leaves open the question if the natural emission changes are climate feedbacks, and GCM simulations have shown increased lightning in a warmer climate (Price and Rind, 1994; Hauglustaine et al., 2005; Brasseur et al., 2006; Del Genio et al., 2007) .
The uncertainty range in the tropospheric O 3 radiative forcing in Forster et al. (2007) was skewed ranging from 0.25 to 0.65 W m −2 with a best estimate of 0.35 W m −2 . This range took into account model results tuning the natural emissions to reproduce the low ozone values reported from the 19th century. Due to the large uncertainties in the measurements from the 19th century and that we consider changes in the natural emissions as a feedback on the climate system, we exclude those results where natural emissions were tuned, presenting a symmetric uncertainty range of ±30 % in Fig. 1d , 0.44±0.13 W m −2 . Our tropospheric O 3 RF estimate includes 0.03 W m −2 from changes in the stratosphere due to tropospheric O 3 precursors. Søvde et al. (2011) calculated chemistry in the whole stratosphere using the OsloCTM2 and found a stronger effect of 0.08 W m −2 in the stratosphere.
The oxidation capacity
The hydroxyl radical (OH) is the major oxidation component in the atmosphere and has therefore a great impact on the concentrations of CH 4 and the ozone precursors, thereby affecting tropospheric O 3 . In our model, the historical CH 4 concentrations are however based on observed historical CH 4 concentration. Figure 2e shows the difference in the zonal annual mean concentration of OH between 1950 and 2000. There are two competing effects, an increase in NO x gives an increase in the OH concentration, and increases in CH 4 and CO which reduce the OH concentration. Since the concentration change of NO x is greatest close to the surface in industrialized regions (Fig. 2c) while CO (Fig. 2d) and CH 4 concentration changes are more evenly distributed in the atmosphere, the increase in OH is seen close to the surface, while in the free troposphere the OH is reduced (Fig. 2e) .
In our simulations, the global average of OH concentration decreased by 15 % from 1850 until year 2000 (Fig. 8) . They found an increasing trend due to anthropogenic emissions of 0.25 % yr −1 which is greater than the relatively stable OH concentration in our study over this period (Fig. 8) . Pozzoli et al. (2011) found that the anthropogenic trend was offset by a decreasing OH trend due to natural variability in meteorology (lightning, humidity and temperature) and natural emissions including biomass burning emissions emphasising the role of other factors than anthropogenic emissions on the OH concentration. The global mean OH concentration can be estimated based on observations of gases removed from the atmosphere by reactions with OH. Bousquet et al. (2005) looked at the OH variability in the 1980s and 1990s using methyl chloroform observations. The inferred OH concentration from Bousquet et al. (2005) is added in Fig. 8 . There is a large interannual variability in the inferred OH concentrations, but a downward trend is seen. The trend is larger than what we find in the model results. Recently, Montzka et al. (2011a) , found that the OH concentration has been rather stable over the last decade, which is consistent with our model results (Fig. 8) and Pozzoli et al. (2011) .
Stratospheric ozone and water vapour
In Fig. 1c the radiative forcing time series of stratospheric O 3 is shown. The RF starts decreasing in the 1950s when concentrations of ozone depleting components in the stratosphere increases. The minimum RF is reached at the end of the 1990s, due to a reduction in the EESC at the end of the 20th century. The stratospheric O 3 RF in 2010 is −0.23 W m −2 (Fig. 1d) .
Our estimate accounts for changes in ozone due to ozone depleting components, occurring both in the stratosphere Søvde et al. (2011) . A small RF of this effect of −0.01 W m −2 was given in Forster et al. (2007) in Table 2 .13. The RF of stratospheric water vapour increases throughout the period, but flattens out over the last decades (Fig. 1c) (Fig. 1d) .The best estimate of stratospheric H 2 O RF is 2.6 % of the RF of LLGHG in 2010.
Aerosols
In this section the changes in the aerosol concentrations and the direct aerosol effect for each aerosol component is first presented. In Sect. 3.4.6, the time series of the total direct aerosol effect and in Sect. 3.4.7 the indirect aerosol effects, both the cloud albedo effect and the cloud lifetime effect, are presented. The resulting RF time series are plotted in Fig. 1 . The direct aerosol effect separated for each aerosol component is plotted in Fig. 1b , and we see that the two main aerosol components causing RF are sulphate and BC.
Sulphate
The total anthropogenic SO 2 emission reached its maximum of 65 Tg S year −1 in the 1980s (Table 1 ). The regional distribution of the emissions has changed over the 20th century, with a southward shift in the SO 2 emissions in the last decades. At lower latitudes, the oxidation capacity of the atmosphere is higher (due to higher OH concentrations) and the emissions of oxidants precursors have also shifted southwards leading to a larger fraction of SO 2 being oxidized to sulphate.
A summary of the global burden increase since 1750 is given in Table 2 . As much as 36 % of the total increase in sulphate burden occurred before 1950, mainly in early industrial areas in North America and Europe. Figure 9 shows the change in the burden and zonal mean concentrations between 1950 and 2000 for several aerosol components, as well as changes in regional burdens since 1850. The southward shift in the burden of SO 4 is seen in Fig. 9a where the burden is reduced over Europe, North Atlantic and Eurasian Arctic, while the burden increased in the Middle East, South Asia and East Asia. The zonal mean concentration of sulphate increases south of 45 • N throughout the troposphere while it mainly decreases in the north (Fig. 9b) .
There was a particularly sharp increase in the sulphate burden over Europe from 1950 to 1970 (52 % decade −1 ) (Fig. 9c) . After 1980 the burden over Europe has dropped and in year 2000 the burden was back to the 1950 level. For eastern North America, the burden has decreased since the 1970s. In the Middle East and East Asia, the burden increased gradually since the 1950s, while in South Asia the burden increased more rapidly.
The increase in sulphate burden in 2000 since 1850 was 0.44 Tg S (2.6 mg (SO 4 ) m −2 ), compared to the increase in burden of 0.36 Tg S (2.1 mg (SO 4 ) m −2 ) in who used the same emission inventory. In the AeroCom study , the burden increase since pre-industrial times was 2.12 mg (SO 4 ) m −2 (standard deviation of 0.82 mg (SO 4 ) m −2 ). Summarizing previous studies, Schulz et al. (2006) found a larger increase in sulphate burden of 2.70 mg (SO 4 ) m −2 (standard deviation of 1.09 mg (SO 4 ) m −2 ), which is in good agreement with our increase in burden in 2000 relative to 1750 of 2.79 mg (SO 4 ) m −2 .
The modelled maximum of the sulphate burden in our study occurred in the 1980s and 1990s, consistent with the study by Boucher and Pham (2002) . Since the 1980s, the total (anthropogenic) emission of sulphur is reduced by ∼15 % while the anthropogenic burden of SO 4 is only reduced by ∼4 %. The southward shift in the emissions, to regions with higher oxidation capacity enhances the SO 4 production efficiency, and the lifetime of SO 4 remained fairly constant (±4 %). As also was found in Berglen et al. (2007) , the reduction of emissions of SO 2 in Europe between 1985 and 1996 gave an increase in the efficiency of oxidation to sulphate. Similar results were also found by Pozzoli et al. (2011) for the period 1980 to 2005 with an almost unchanged global mean burden between a simulation with varying and fixed anthropogenic emissions. Sulphate is compared with observations from the EMEP network in Europe (Fig. 10a ) and with observations from the IMPROVE network in the United States (Fig. 10b) . For both Europe and North America, the model results compares well with the observations, and the downward trend in the observed concentrations is clearly seen and captured by the model.
For longer term trends in sulphate, deposition data from ice cores at Greenland exist. Annual mean deposition relative to the mean deposition over the 20th century are shown in Fig. 11 , both for our model results and ACT2 ice core (McConnell and Edwards, 2008) . The model does not reproduce the absolute deposition values, which are a factor of 4.5 higher in the model than in the observations. The modelled deposition of sulphate decrease almost linearly towards the north with 3 times less deposition 1000 km to the north of ACT2. Due to the coarse grid of the model (∼280 km), too little deposition may occur at the edge of Greenland and hence too much sulphate will be transported to the Greenland plateau. However, the modelled trend of the deposition on Greenland is very good and the decline since 1970s is captured (Fig. 11) .
The direct aerosol effect of sulphate dominates in the NH (Fig. 3b) . Since 1980, the RF north of 30 • N is reduced, and the southward shift in RF is clearly seen, with a maximum RF 
Black carbon
In Skeie et al. (2011) the FFBF BC RF time series from 1750 until 2000 is presented using the same model but a different emission inventory, namely Bond et al. (2007) . In this study the FFBF BC emissions in year 2000 was 5.0 Tg (Table 1) while in Skeie et al. (2011) the total FFBF emission was 4.5 Tg. An updated version of Bond et al. (2007) is used in Lamarque et al. (2010) . In the latter part of the 20th century, the emissions increased more rapidly in compared to Bond et al. (2007) . Therefore, the burden increase and hence the radiative forcing is larger in this study compared to Skeie et al. (2011) . Between 1950 and 2000 the burden increased by 0.05 Tg in this study (Table 2), while it increased by 0.035 Tg in Skeie et al. (2011) . The best estimate of FFBF BC radiative forcing in Skeie et al. (2011) for 2000 was 0.35 W m −2 and in this study the RF in 2000 was 0.43 W m −2 . The time series of FFBF BC radiative forcing from this study is included in Fig. 1b and from the zonal mean RF plot (Fig. 3c ) a southward shift in the RF at the end of the 20th century is seen.
Organic aerosols
Organic aerosols can be emitted directly as primary particles (OC) or formed in the atmosphere by condensation of oxidized volatile components on existing aerosols (secondary organic aerosols, SOA). As shown in Table 1 , the direct emission of OC from fossil fuel and biofuel sources reached a maximum in 2000, and for biomass burning sources the maximum in global emissions occurred in 1990.
The emissions of VOCs contributing to SOA formation used in this study are also listed in Table 1 . The emissions of biogenic VOCs are assumed to be constant for all time slice simulations to separate the anthropogenic signal, while anthropogenic VOCs have increased over the period with a maximum in 1990. The anthropogenic emissions are small compared to the biogenic emissions, and as pointed out, the changes in anthropogenic VOCs have a minor direct contribution to the change in the SOA burden. For SOA production, not only the emissions of SOA precursors are important, but also the oxidation capacity of the atmosphere and the surface area of aerosols available for condensation of oxidation products. In this study SOA can form on both existing OC and sulphate aerosols.
The increase in global burden in 2000 since pre-industrial times was 195 Gg for FFBF OC, 338 Gg for OC BB and 230 Gg for SOA (Table 2) where SOA is given in organic matter (OM). Factors for conversion of OC to mass of OM have been reviewed by Turpin and Lim (2001) . They presented a conversion factor of 1.6±0.2 for urban aerosols, 2.1±0.2 for non urban aerosols and 2.2-2.6 for biomass burning aerosols. Using a factor of 1.6 for FFBF OC and 2.6 for OC BB gives a 16 % contribution of SOA to the increase in burden of total organic matter in 2000. Schulz . In Hoyle et al. (2009) , the burden increase of SOA since 1750 was 260 Gg when partitioning on sulphate aerosols was allowed, larger than in this study (Table 2) , which can be explained by differeces in loading of sulphate and OC. Other studies calculating the change in SOA burden from preindustrial times until present are Chung and Seinfeld (2002) with 130 Gg increase, Liao and Seinfeld (2005) with 100 Gg increase and Tsigaridis et al. (2006) with 160 Gg increase. The increases in SOA burden from these models are less than what is calculated using OsloCTM2, although the relative change in Chung and Seinfeld (2002) was greater. The differences among the models, mainly related to the amount of mass available for partitioning, meteorological data, removal schemes, and biogenic VOC, are discussed in detail in Hoyle et al. (2009) .
The time development of global mean burden over the 20th century differs for FFBF OC, OC BB and SOA. For FFBF OC, the global mean burden increased almost linearly throughout the century, while for OC BB, the burden was higher in the early 20th century and decreased towards 1950 before increasing again until 1990 following the global emissions (Table 1) . Between 1850 and 1950 the SOA burden increased almost linearly by 1 % decade −1 and after 1950 the burden increased rapidly with 36 % decade −1 until 1990 and being stable thereafter (Table 2) .
Looking at the geographical distribution of the burden change, the burden of FFBF OC is reduced over a greater area in North America and Europe since 1950 (Fig. 9d) , and the FFBF OC burden is shifted southwards as clearly seen in the zonal mean concentration change plot (Fig. 9e) . Biomass burning OC burden has increased in South America, Africa and Indonesia since 1950 (Fig. 9g) .
For SOA (Fig. 9m) , a slight reduction in burden is found over the north eastern coast of the US and in Northern Europe between 1950 and 2000, related to the decrease in burden of SO 4 (Fig. 9a) and OC (Fig. 9d) in these regions. An increase in the SOA burden is found in South America, Africa, South-, Southeast-and East Asia (Fig. 9m) , where the burdens of OC and SO 4 have also increased. For the zonal mean, the concentration of SOA increased between 1950 and 2000 ( Fig. 9k) for the whole domain. Two maxima are found close to the surface, at the equator related to biomass burning, and at 20 • N related to fossil fuel aerosols. The increase in SOA stretches to a higher altitude than that of FFBF OC and OC BB, due to the secondary character of SOA and a larger fraction of the oxidised organic components shifting to the aerosol phase at cold temperatures.
Looking at the regional development of the organic aerosols, the FFBF OC burden decreased in Northern America since the 1920s (Fig. 9f) . In Europe, the burden increased until 1940 and decreased rapidly between 1960 and 2000. The most rapid increase was in South Asia, after 1950, but the regional burden also increased in East Asia, the Middle East and South Africa in the latter part of the 20th century. For SOA, the burden increased in Europe until 1980 (Fig. 9l) . For the other regions, the burden change between 1900 and 1950 was small, possible due to decreasing OC BB and increasing sulphate and FFBF OC burden. In Southern America, the burden increased rapidly from 1950 to 1960 and continued to increase until 1990. This is related to a large increase in the OC BB in this region (Fig. 9i) .
How well are the organic aerosols modelled? Modelled concentrations from the OsloCTM2 for the present day situation are compared with surface observations in Myhre et al. (2009) and Hoyle et al. (2007) . The OsloCTM2 underestimates organic aerosols at most of the stations, even when all semi-volatile species are partitioned to the aerosol phase. Hoyle et al. (2007) suggested too low primary organic aerosols concentrations as one possible reason for the underestimation, as well as sub-grid scale concentration gradients.
Long-term time series of OC measurements are only available from the IMPROVE network. In Fig. 10e the observed OC concentrations are compared with modelled OC concentrations assuming SOA concentration divided by the factor of 1.6 gives the carbon content. We see that the model tends to under predict and grossly underestimate at several sites where the modelled concentrations of OC are very low. The best agreement is found for stations in eastern US, while the worst agreement is found for stations in the north western US. The underestimation is larger than in Myhre et al. (2009) and Hoyle et al. (2007) where modelled and observed concentrations corresponding to the same year was compared. One reason for the underestimation in this study may therefore be that we compare model results and observations for different years. The meteorological situation influences the observed concentrations, and biomass burning emissions are highly variable. The OC burden in Hoyle et al. (2007) is higher due to larger emissions and the use of a longer aging time for conversion of OC from hydrophobic to hydrophilic aerosols.
In this section we focus on the radiative forcing of FFBF OC and SOA. Radiative forcing time series of biomass burning aerosols will be presented in Sect. 3.4.4. As we saw for FFBF BC, the RF of FFBF OC is shifted southwards in the latter part of the 20th century (Fig. 3d) . For SOA there are a broad maximum in RF between 10 • S and 20 • N in 2000 (Fig. 3e) , related to RF in South America, Africa and Eastern Asia.
The RF time series of FFBF OC and SOA is plotted in Fig. 1b −0.13 W m −2 and for SOA −0.09 W m −2 . Compared to a previous study using the OsloCTM2, the calculated RF of SOA was −0.09 W m −2 when SOA was allowed to partition on both organic and sulphate aerosols, and −0.06 W m −2 if only allowing for partitioning on organic aerosols . As discussed in Hoyle et al. (2009) , the partitioning of semi-volatile organic species to sulphate aerosol is oversimplified in the OsloCTM2, because it is assumed that this partitioning is as efficient as to organic aerosols. In reality, the initial partitioning of organics to sulphate aerosols is likely to be less than to organic aerosols. However, acid catalysed condensed phase reactions have the potential to reduce the volatility of some organic species, leading to substantially increased partitioning to the acidic aerosol (Hoyle et al., 2011a and references therein). Until more research has been done into how these effects can be quantified in a way suitable for inclusion in large scale models, we believe that our current approach is an acceptable approximation. Modelled concentrations better match the observations when condensation on sulphate is allowed than when only allowing partitioning to the primary organic aerosols (Hoyle et al., 2007; Myhre et al., 2009 , where most of the estimates considered did not include SOA chemistry. The RF due to primary OC is also strengthened due to a combination of larger burden and an increased ratio of OM/OC more in line with observations as discussed in Myhre et al. (2009) . The RF of organic aerosols (FFBF OC and SOA) is 35 % of the sulphate direct aerosol forcing (with the same sign) and 44 % of the BC direct aerosol forcing (with opposite sign).
Biomass burning aerosols
For open biomass burning, we combine organic carbon and black carbon aerosols (OC BB and BC BB) and calculate one single RF since the composition of the aerosols cannot be controlled (Forster et al., 2007) . The emissions are assumed constant between 1850 and 1900, due to lack of information . From 1900 until 1950 the global emissions were reduced due to a decrease in forest clearing at mid-latitude and improvements of fire fighting systems. From 1950 until 1990 the emission increased, as a result of deforestation in the tropics. From 1990 until 2000, the emissions from tropical regions are reduced leading to global emission reduction (Table 1) . The global mean burdens of OC BB and BC BB decreased from 1900 towards 1950, and increased until 1990 (Table 2) .
The change between 1950 and 2000 in the burden of OC (equal pattern for BC) from biomass burning (Fig. 9g) is positive and most pronounced in tropical areas in South America, Africa and Indonesia, while the burden decreased in Eastern US, India, Australia and eastern part of South America and Africa. In boreal areas in Siberia/China and North America the burden has increased. This change at high latitude is largely due to the increase in the emissions in the last decade from 1990 until 2000.
The pattern of the zonal mean RF has changed over the 20th century (Fig. 3e) . In the tropics, the RF is negative due to the increase in emissions and dominance of BB OC. At high latitude the RF is positive and it increased between 1980 and 2000. This is due to the large emission increase in this region and higher absorption efficiency due to the higher reflective surfaces and higher cloud fractions at high latitudes compared to lower latitudes.
The RF is calculated based on concentration changes relative to the pre-industrial values. The pre-industrial emissions are difficult to estimate, as well as emissions in the presatellite era. For aerosols detailed information from satellites are not obtained prior to the launch of MODIS/Multiangle Imaging Spectro Radiometer (MISR) in late 1999. Information on historical burned area and vegetation and carbon available for combustions is highly uncertain (Mouillot et al., 2006; Mieville et al., 2010) . Analysis of ice-and sediment cores may give information on historical trends in biomass burning emissions. Wang et al. (2010) analyzed an Antarctic ice core and presented concentrations of CO from biomass burning using isotope records. The results indicated that present day CO from biomass burning in the SH is lower than at any time during the last 650 yr, with a minimum in 1600s, an increase until late 1800s, and a decrease by 70 % from late 1800s until present day. This confirms the results from Marlon et al. (2008) who derived a tropical charcoal index from sediment cores in both hemisphere and found a similar pattern with an abrupt decline in the global burning after 1870. This is in contradiction to what is previously assumed about biomass burning emissions (Ito and Penner, 2005) . In the emission inventory used in this study , the global emissions did decrease from the 1900 until 1950, and then increased, being 33 % higher in 2000 than in 1900. The pre-industrial biomass burning emissions assumed in this study was 50 % of the 1850 emissions, approximately 40 % of the year 2000 emissions. From Wang et al. (2010) and Marlon et al. (2008) a sharp increase in biomass burning between 1750 and 1850 is reasonable, however the magnitude is highly uncertain.
In Fig. 1b the time series of RF of biomass burning aerosols are presented. The RF increased between 1900 and 1950 due to the emission reduction at mid-latitudes, while it further decreased after 1950 due to tropical deforestation. In 2010 the RF is −0.07 W m −2 , in the lower range of the RF estimate of +0.03±0.12 W m −2 in Forster et al. (2007) .
Nitrate
Concentrations of fine-mode nitrate aerosols (mainly ammonium nitrate) are governed by precursor emissions (NH 3 and NO x ), photochemistry (oxidation of NO x to HNO 3 ), ambient Atmos. Chem. Phys., 11, 11827-11857, 2011
www.atmos-chem-phys.net/11/11827/2011/ sulphate levels and meteorological conditions (temperature, wet scavenging rates, etc.) (Metzger et al., 2002) . Both NH 3 and NO x emissions (and thus HNO 3 concentration, Fig. 2f ) increased between 1950 and 2000 (Table 1) . However, ammonium prefers to be associated with sulphate suppressing nitrate aerosol formation, and the SO 2 emission has increased over the 20th century, reaching a maximum in 1980 (Table 1) . The change in fine-mode nitrate aerosols burden between 1950 and 2000 is shown in Fig. 9m . The increase is only seen over continental areas, since nitrate aerosols associated with coarse mode sea salt dominates over the oceans.
The main increase in fine-mode nitrate occurred in Eastern Asia from 1960 and onwards (Fig. 9o) , where both finemode ammonium burden (not shown) and sulphate burden (Fig. 9c) increased. Fine-mode nitrate in biomass burning regions in Africa has increased since 1950, reaching a maximum in 1990s. This increase occurred in the free troposphere as nitrate aerosol formation is favoured at lower temperatures (Fig. 9n) .
In Europe, the sulphate burden has decreased dramatically between 1980 and 2000 (Fig. 9c) . The modelled fine-mode ammonium has however also decreased in the same time period (not shown), but in total, the fine-mode nitrate burden in Europe increased between 1980 and 2000 (Fig. 9o) .
In South Asia the fine-mode nitrate burden was almost the same in 1950 and 2000 (Fig. 9m) , however looking at the development of the regional burden we can see that the regional burden in South Asia is much lower in 2000 than in 1990 and 2010. This is related to lower agricultural NH 3 emissions in this region in year 2000 compared to 1990 and 2010. This needs further investigation, to determine if the reduction in emissions between 1990 and 2000 in South Asia is real.
As we have seen for the other components, a sharp increase in global burden of fine-mode nitrate occurred since 1950 (Table 2) , with 95 % of the total increase after 1950. For fine-mode ammonium aerosols, 74 % of the burden increase since 1750 occurred after 1950. Compared to a previous study using OsloCTM2 , the anthropogenic burden increase was 13 Gg N (0.11 mg m −2 ) lower than the burden increase of 24 Gg N between 1750 and 2000 in this study.
The total burden (anthropogenic plus natural) of fine-mode nitrate in year 2000 was 0.026 Tg N. This is much lower than 0.11 Tg N from the GISS climate model reported by Bauer et al (2007) , who did not consider sea salt in their simulation, but they included nitrate associated with dust with burden of 0.41 Tg N. In this study the total fine-mode (0.026 Tg N) plus coarse mode nitrate burden (0.23 Tg N) in year 2000 was 0.25 Tg N.
The modelled NO 3 aerosols are compared with observations from the IMPROVE network (Fig. 9c ) and the EMEP network (Fig. 9d) for the last decades. The modelled fine and coarse mode aerosols are compared with the EMEP aerosol observations, while the fine-mode aerosols and 15 % of the coarse mode aerosols are compared with the IMPROVE aerosol observations as done in Myhre et al. (2009) . For the North American observations the model underestimates some high observed values (Fig. 9c) . In Europe, the model overestimates low observed values in Norway and Russia (Fig. 9d) .
The RF time series of nitrate is plotted in Fig. 1c and the zonal distribution in Fig. 3g . As for the other aerosol components the magnitude is increasing from 1950s and levelling off during the last decades. In 2010 the RF is −0.046 W m −2 , only 7.4 % of the RF of sulphate. This is stronger than the nitrate RF of −0.023 W m −2 from Myhre et al. (2009) (Forster et al., 2007) , however our model takes into account sea salt in the equilibrium calculations, which reduce the burden of fine mode nitrate.
Direct aerosol effects
For the total direct aerosol effect, the two main components are sulphate and FFBF BC which have opposite sign (Fig. 1b) . The total direct aerosol effect strengthens rapidly in the middle of the 20th century, and then the RF flattens out and slightly weakens in the recent decades (Fig. 1c) . The sum of the RF of each of the aerosol components gives a slightly weaker RF than when the total direct aerosol effect is calculated (Fig. 1c) , due to non-linearities arising from scattering and absorbing aerosols.
The time development of the zonal mean RF is shown in Fig. 3h . The negative sulphate forcing dominates, except at high latitudes where the total direct aerosol effect is positive due to BC. In the 1920s, a positive RF is found as far south as 45 • N. North of 30 • N the RF has decreased since 1980 while at southern latitudes the maximum RF occur in 2000 and 2010.
The total direct aerosol effect was −0.51 W m −2 in 2000 and −0.48 W m −2 in 2010 (Fig. 1d) . The uncertainty in the total direct aerosol effect is better constrained than the uncertainty for each aerosol component. Myhre (2009) constrained the uncertainty for the direct aerosol effect to −0.3±0.2 W m −2 , by combining model results and observational based estimates. Our results for year 2000 are stronger than the best estimate from Myhre (2009) , and in Fig. 1d we adopt the relative uncertainty range from Myhre (2009) giving a RF for the direct aerosol effect −0.48±0.32 W m −2 in 2010.
Indirect aerosol effects
The calculated time series of RF for the cloud albedo effect are shown in Fig. 1c The cloud lifetime effect was not considered as a RF in Forster et al. (2007) . The RF concept in a strict sense does not allow for changes in the climatic state of the troposphere (Ramaswamy et al., 2001) . However, the cloud lifetime effect is not a feedback through surface temperature change and it is a fast feedback occurring on the same time scale as the other RF mechanisms. Therefore we have included the cloud lifetime effect as a RF mechanism in this study. In this study detailed modelling of the cloud lifetime effect is not performed and we make a simple assumption of a linear relationship between the cloud albedo effect and the cloud lifetime effect. The time series for the cloud lifetime effect (Fig. 1c) are estimated by scaling the best estimate in Isaksen et al. (2009) of −0.35 W m −2 with the cloud albedo effect time series, and has therefore a similar historical development as the cloud albedo effect.
For both the cloud albedo effect and cloud lifetime effect, the relative uncertainty range in Fig. 1d is taken from Isaksen et al. (2009) . The largest uncertainty related to the radiative forcing mechanisms considered in this study is the uncertainty range for the cloud albedo effect and cloud lifetime effect (Fig. 1d) .
Surface albedo changes
We find that the radiative forcing of surface albedo change due to land use has changed from −0.03 W m −2 in 1850 to −0.10 W m −2 in 2005 (Fig. 1c) . Between 1970 and 1980 we find the strongest strengthening in global RF caused by extensive agricultural clearing in the NH during this period. The global radiative forcing peaks in 1990 (−0.14 W m −2 ), and has since weakened because of a reduced amount of agricultural land and regrowth in the NH. The effect of snow at NH mid-latitudes is very important, and has a strong influence on the global RF. Cropland areas in the SH during the industrial era have continuously increased during the whole period. Forster et al. (2007) gave a best estimate of RF due to land use change of −0.2±0.2 W m −2 . Previous studies also show that the forcing and climate effects of land use are very sensitive to the surface albedo value of cropland (Myhre and Myhre, 2003; Kvalevag et al., 2010) . In Fig. 1d we assume the same RF in 2010 as in 2005 and adopt the same relative uncertainties as in Forster et al. (2007) .
Radiative forcing time series of FFBF BC in snow is presented in Skeie et al. (2011) . The RF in 2010 (assumed equal year 2000) of 0.016 W m −2 are shown in Fig. 1d with an uncertainty of a factor 4, which includes recent results from other studies (Jacobson, 2004; Flanner et al., 2007; Koch et al., 2009; Rypdal et al., 2009) which are all lower than the best estimate of 0.1 W m −2 given in Forster et al. (2007) . The snow albedo effect is negligible on a global scale compared to the other anthropogenic forcing agents ( Fig. 1c and  d) . Our estimate includes only FFBF BC, and changes in boreal forest fires will give a RF but the historical emissions are highly uncertain. In Flanner et al. (2007) including the biomass burning BC in the RF calculations increased the RF from 0.043 W m −2 to 0.054 W m −2 and 0.049 W m −2 for a strong and a weak boreal forest fire year respectively. Including the effect of BB BC, the BC snow albedo effect would still be negligible on a global scale.
Model-data comparison for total radiation
In this section we evaluate the model simulations of downwelling solar radiation at the surface against observed records obtained from the GEBA dataset Gilgen et al., 1998; Gilgen and Ohmura, 1999; Ohmura, 2009; Wild, 2009) , which compiles the instrumentally measured energy fluxes at the surface worldwide. The GEBA dataset contains monthly-mean observations measured at approximately 2000 stations around the world (Fig. 12a) and consists of various components including total radiation, direct radiation, and indirect radiation. Only the total radiation records are used in our analysis because the numbers of records for direct and indirect radiation are limited. The lengths of records vary across the stations and many of them are affected by data breaks. Several records date back to the early 20th century -the longest record is available since 1923 at the station in Stockholm (Ohmura, 2009) .
We geographically separate the world into the following seven regions: Europe, Japan, US and Canada, Asia (excluding Japan), South-West Pacific, South America, and Africa. For the analysis of Japan, we use the radiation data compiled by A. Ohmura (personal communication, 2010 ) that have been measured at 45 stations consistently since 1961. A regional radiation data analysis is also shown in Ohmura (2009) but for more selected stations.
All the total radiation data available at the GEBA website have gone through initial screening processes prior to our analysis. In the GEBA dataset, each of the observational records is accompanied by a flag that indicates data qualityrecords marked as bad quality by the GEBA quality control procedure (e.g. judged to be erroneous, suspected of being afflicted with error, and suspected of being not represented for a larger region) have been removed before our analysis. In addition, measurements obtained at stations located above 1000 m in altitude are not used in the analysis. As a result, the number of observational stations that actually entered into our analysis is reduced to 1555. during the 20-yr reference period specified for each region (i.e. rather than the absolute levels). Note that the reference periods are chosen for segments that have most abundant records and thus differ across the regions, depending on the data availability. Stations having no more than 10 annual-mean records during their 20-yr reference periods are disregarded in our analysis. Similar to the treatment for observations, model simulation results are also given as annualmean values (every 10 yr) and expressed as a departure from the reference period for the corresponding observations. When there are multiple stations located within a single 2.8 • ×2.8 • model grid, the records from such stations are averaged out to be compared with the simulation results of the particular model grid. After the data process described above, we have a total of 641 observational stations (Fig. 12b) that fall into 241 model grids. The data are not homogeneous both spatially and temporally (Figs. 12 and 13) -the records over Europe, Japan, and Asia (excluding Japan) provide most useful basis for the evaluation of the model simulation results.
A model-based study by Kvalevåg and Myhre (2007) shows that each component contributes differently to determining the total radiation level at surface during the historical period. Our model simulation results are progressively presented for different components (direct aerosols, cloud albedo effect, tropospheric O 3 , and stratospheric O 3 ) (Fig. 13 ). An increase in the aerosol content (scattering and absorbing components) leads to reduced downward radiative fluxes at the surface from both the direct and indirect aerosol effects. Likewise, an increase in the ozone in the troposphere reduces the fluxes at the surface. On the other hand, the observed reduction in stratospheric O 3 will lead to increases in the downward solar radiative fluxes at the surface.
The model generally reproduces the observed global dimming and brightening trend (Wild, 2009) . However, the trends are weaker in the model than in the observations (Fig. 13) . Over Europe (Fig. 13a) , the recovery from the dimming is earlier in the model simulation results by about a decade than indicated by the observations. As shown in Fig. 9c the sulphate amount has increased strongly over Europe between 1930 and 1980 , with a sharp decrease thereafter. However, in our model simulations BC has been reduced between 1930 and 1990 leading to weaker dimming which has been the dominant trend in this period in the model results and observations. BC is much more efficient to reduce downward solar radiative fluxes at the surface than scattering aerosols (Ramanathan and Carmichael, 2008) . Over Europe the indirect aerosol effect contributes only slightly to the dimming and brightening trends since the overall effect is of the order −1 to −2 W m −2 and part of this was prior to 1930. The dimming and the later brightening effect for the direct aerosol effect is around 5 W m −2 .
Over Japan, the model results reproduce the observed dimming trend well but do not capture the brightening trend that follows (Fig. 13b) . The data are more limited over US and Canada (Fig. 13c) and observations show large interannual variation. The model shows only weak changes in the surface solar radiative fluxes with a weak brightening after 1980. Over Asia, excluding Japan (Fig. 13d) , the observed rate of dimming in the latter half of the 20th century is underestimated by the model. There is some sign of recovery from the dimming in the observations after 2000, but the model simulations continue to show a decline in radiation till 2010. In the period between 1990 and 2000, the model shows a very weak dimming in the period where the observations have an indication of brightening. The observed total dimming in this region is about 10 W m −2 , whereas the model has a dimming slightly stronger than 5 W m −2 . Over Africa (Fig. 13e ) the observed dimming is rather well reproduced by the model, even though there is an indication of a weak trend also in this region. In other regions, the observational records are either not long or dense enough to derive clear results (Fig. 13f, g ).
The direct aerosol effect dominates the dimming and brightening trends in the model simulations. The contribution from ozone is weak and only over US and Canada the reduced ozone in the stratosphere contributes discernable to the Figure 13 : Model-data comparisons for the total radiation at the surface over seven world regions. Observational records have been obtained from the GEBA dataset Gilgen et al., 1998; Gilgen and Ohmura, 1999; Ohmura, 2009; Wild, 2009 ) and those for Japan from A. Ohmura (2 November 2010, personal communication) . DA, IA, TO, and SO denote direct aerosols, indirect aerosols, tropospheric O 3 , and stratospheric O 3 , respectively. Note that observed annual-mean records are shown only when there are five or more records within the region in a particular year. Fig. 13 . Model-data comparisons for the total radiation at the surface over seven world regions. Observational records have been obtained from the GEBA dataset Gilgen et al., 1998; Gilgen and Ohmura, 1999; Ohmura, 2009; Wild, 2009 ) and those for Japan from A. Ohmura (2 November 2010, personal communication) . DA, IA, TO, and SO denote direct aerosols, indirect aerosols, tropospheric O 3 , and stratospheric O 3 , respectively. Note that observed annual-mean records are shown only when there are five or more records within the region in a particular year. brightening in the model results (Fig. 13c) . To verify the contributions from different components, observational data separately for direct and diffuse radiation are useful (Ohmura, 2009 ) -however, such data are currently available only for a few recent decades and are not sufficient for our analysis.
Why is the dimming and brightening too weak in the model? We do not have an adequate answer to this, but several factors may contribute. We have included the direct aerosol effect and the cloud albedo effect, but other aerosol effects such as the cloud lifetime effect, semi-direct, and impacts of mixed phase and ice clouds may contribute to changes in the solar surface radiative fluxes. These effects would likely follow the general trend in the model results, but amplify the trends. Natural variability in clouds will strongly affect observations, whereas we have used constant cloud characteristics (except the cloud albedo effect) in the model simulations. Alpert et al. (2005) showed that the dimming trend was substantially stronger in highly populated regions compared to rural areas. With the short lifetime of aerosols and thus the inhomogeneous pattern in the aerosol content, the model with a resolution of 2.8 • ×2.8 • may be unable to reproduce the observed trends which often are dominated by measurements in populated regions.
Discussions
In Fig. 1c the RF time series of all mechanisms considered are shown. Also added in Fig. 1c is the sum of the best estimates of the anthropogenic RF time series established in this study. The total anthropogenic RF reaches 1.4 W m −2 in 2010 and is weaker than the RF caused by LLGHGs, and also lower than the net anthropogenic RF (for 2005) of 1.6 W m −2 given in Forster et al. (2007) . However, our estimate includes the cloud-lifetime effect. The net anthropogenic RF declined between 1940 and 1970 due to the rapid growth in sulphur emissions. There are large uncertainties in the cooling effects of aerosols (Fig. 1d ) and probability distributions of the individual forcing mechanisms should be accounted for when summing the RF .
The concept of radiative forcing can to a first order represent global warming, since RF is related to the equilibrium response of global mean surface temperature through the climate sensitivity (e.g. Cess et al., 1989; Hansen et al., 1997; Forster et al., 2007) . The period with declining total anthropogenic RF in Fig. 1c , is concurring with the period in between the two distinct phases when the global mean temperature increased, in the first half of the 20th century and since 1975 (Trenberth et al., 2007) . Running a two layer simple climate model (Berntsen and Fuglestvedt, 2008) with the total anthropogenic RF time series as given in Fig. 1c as input, gives an increase in temperature prior to 1942 and after 1972 and a decline in global mean temperature for the years in between. Some of the warming due to the increase in greenhouse gases is likely to have been offset due to aerosol cooling effects in the 2nd half of the 20th century, keeping in mind the limitations of the RF concept that different forcing mechanisms may give different climate responses, the so called climate efficacy , especially for components with inhomogeneous concentration changes.
The main focus in this article has been short lived forcing agents. For short lived components, the geographical distribution of the emissions and hence the distribution of the concentrations have changed over the 20th century. To investigate the relationship between burden changes and radiative forcing, the time series of the normalized RF for tropospheric O 3 and the main aerosols are shown in Table 3 . For the aerosols the normalized RF with respect to aerosol optical thickness at 550 nm (AOT 550nm) is also shown. For tropospheric O 3 , the normalized RF is relatively stable through the 20th century. The concentration of tropospheric O 3 has changed (Fig. 6 ), but the shape of the zonal mean RF is similar over the century (Fig. 3a) explaining the relatively stable normalized RF. For the direct aerosol effects, the normalized RF of sulphate with respect to burden has weakened from −227 W g −1 in 1900 to −221 W g −1 in 2010 (Table 3). However, the normalized RF with respect to AOT 550 nm has slightly strengthened from 1900 to 2010. The southward shift in the sulphate abundance from 1900 to 2010 has reduced the water uptake due to generally lower relative humidity and thus a weaker normalized RF with respect to burden, but the generally weaker reflectance (surface and clouds) has strengthens the normalized RF with respect to AOT. For BC, the normalized RF with respect to both burden and optical depth has increased with respectively 14 % and 12 % since 1900 (Table 3) . For OC, the normalized RFs have slightly strengthened over the century.
Also the relationship between emission and burden has changed over the 20th century. A simple relationship between ozone burden and ozone precursor is the ozone production efficiency (e.g. Lamarque et al., 2005; Shindell et al., 2006a) . The ozone production efficiency, the burden change (in Tg) divided by NO x emissions, does not include CO, CH 4 and other hydrocarbons important for ozone production. In this study the ozone production efficiency dropped between 1940 and 1980 by 31 % (not shown), in the same period as NO x emissions increased rapidly at northern mid-latitudes, indicating that the fraction of the troposphere where ozone production was NO x -limited decreased. Since 1980 the main growth in NO x emissions has occurred further south and ozone production efficiency has increased by 11 % from 1980 to 2010, in accordance with Shindell et al. (2006a) .
As discussed in the Sect. 3.4.1, the production efficiency of sulphate has decreased over the recent decades. For the carbonaceous aerosols burden divided by emissions, related to lifetime changes, increased by 15 % since 1950 for FFBF BC and 12 % for FFBF OC, due to the geographical shift in the emissions to regions were the wet scavenging is slower. For biomass burning aerosols the lifetimes were stable over For radiative forcing calculations of short lived components there are uncertainties related to the emissions, chemical reactions, transport, deposition processes and the radiative properties of the components. Radiative forcing is calculated from concentration changes from a base year, and especially for the short lived components there are uncertainties in the estimated contribution from anthropogenic activity to the pre-industrial concentrations, which must be considered in the RF uncertainty. In Fig. 1 the basis for the RF calculations is a pre-industrial atmosphere. To give an indication of the magnitude of the uncertainties in base year concentrations and to compare the RF results with studies using 1850 as a base year, we present the RF in 1850 relative to 1750. For tropospheric O 3 the RF is 0.038 W m −2 , which is 9 % of total tropospheric O 3 RF. For the aerosols, the RF in 1850 relative to 1750 is −0.021 W m −2 or 3 % for sulphate, 0.055 W m −2 or 11 % for FFBF BC, −0.031 W m −2 or 24 % for FFBF OC, −0.011 W m −2 or 24 % for nitrate and −0.021 W m −2 or 23 % for SOA. For biomass burning aerosols, the RF in 1850 relative to 1750 is −0.054 W m −2 or 77 %. For the total direct aerosol effect the RF increased by 0.081 W m −2 using 1850 as a base year instead of 1750. That is 17 % of the total direct aerosol effect which is within the uncertainty range presented in Fig. 1d .
There are large uncertainties in the historical biomass burning emission data as discussed in the results section. A large increase in the biomass burning emissions from 1750 to 1850 is likely (Marlon et al., 2008; Wang et al., 2010) , and hence a large difference in the radiative forcing estimate of the biomass burning aerosol direct effect is expected. The biomass burning emissions do not only influence the direct aerosol effect of biomass burning aerosols, but influence the oxidation capacity as well. In year 2000, 17 % of the NO x emissions and 43 % of the CO emissions in is from biomass burning. As pointed out in Lamarque et al. (2010) the uncertainties in biomass burning emissions are large, not only for the historical emissions but also for current emissions from biomass burning.
For other emission sectors, there are uncertainties in the emissions as well. Uncertainties for the emission inventory used was not provided by Lamarque et al. (2010) . The uncertainties in present day inventories for BC FFBC and FFBF OC are about a factor of 2 (Bond et al., 2004; Bond et al., 2007) and there are uncertainties in the rate of change of the emissions and the uncertainties differ in different regions, but are not quantified by Bond et al. (2007) . found that uncertainties in the regional emissions of SO 2 are far higher than the uncertainties in the global emissions. The 5-95 % confidence interval for the global emissions is 9 % of the best estimate in 2000 and range between 16 % and 7 % between 1850 and 2005. The regional uncertainties in the emissions in Former Soviet Union were 20 % in 1990 and 30 % in China for the year 2000. A formal error propagation for the RF time series of short lived components including the uncertainties in the rate of change and spatial distribution of the emissions is not performed in this study or other published studies. The error estimates for all mechanisms (Fig. 1d) are therefore based on spread found in previous studies.
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www.atmos-chem-phys.net/11/11827/2011/ There is a lack of observations of short lived components, in particular back in time. The model generally reproduces the global dimming and brightening trends, however the modelled trends are weaker than observed. From the few ozone observations considered, the modelled trend in tropospheric O 3 is smaller than the observed trend prior to 1990. This was also found by Lamarque et al. (2010) who related it to limitation of the emission data. We also found that the OH concentrations did not decrease as fast as what is inferred from observations. For a large part of the world, the observations are very limited, and therefore it is difficult to validate the modelled trends. Also worth noting when comparing modelling results of short lived components with observations, is that constant meteorology is used in this study. This makes discrepancies in the comparison, since changes in flow directions relative to the measurement site and the occurrence of stagnant air situations influence the observed concentrations. In addition, there is a large interannual variability in biomass burning emissions, and in this study the emissions represent a decadal mean. Hess and Mahowald (2009) investigated the role of meteorology (including lightning induced NO x emissions) on chemical components in model simulations for the period 1979 to 1999. They found that variability for global values were generally between 0.5 to 1 %, while locally the variability was larger. Since we in this study focus on global radiative forcing values and look at differences relative to pre-industrial times, using meteorological data for one year does not increase the total uncertainty significantly.
There are other proposed RF mechanisms that are not included in this study due to large uncertainties and lack of scientific knowledge. The semi-direct effect (Hansen et al., 1997) , the evaporation of clouds and inhibition of formation of clouds due to absorbing aerosols, is poorly understood and even the sign of the forcing is uncertain. Isaksen et al. (2009) gave a range for the semi-direct effect from −0.25 to +0.50 W m −2 . The information used for establishing RF time series for the indirect aerosol effects considered in this study is based on aerosol effects on liquid water clouds. Aerosol indirect effects on mixed-phase clouds are not considered, however a recent study by Storelvmo et al. (2011) found that the cloud albedo effect counteracts the cloud lifetime effect of mixed-phase clouds and that the net radiative effects are small. There are large uncertainties for the indirect aerosol effects in pure ice clouds, which are possibly of great importance (Penner et al., 2009) . In this work, the aviation induced radiative forcing of linear contrails is not included. The RF of this mechanism of 0.01 (+0.02, −0.007) W m −2 given in Forster et al. (2007) , constituting only 0.5 % of the RF from CO 2 , is considered to be negligible. A possible larger climate effect from aviation, however one which is not in this study, is induced cirrus clouds, the extend of which is highly uncertain (Penner et al., 1999; Burkhardt and Karcher, 2011) .
Conclusions
We have presented radiative forcing time series of what are currently believed to be the main anthropogenic components. The concentration changes for the short lived components are calculated using OsloCTM2 and the emission inventories from Lamarque et al. (2010) extended back to 1750 and forward to 2010. Radiative forcing time series are calculated based on the concentration changes using a radiative transfer model. The RF of tropospheric O 3 in 2010 was 0.44±0.13 W m −2 , with the largest rate of change between 1960 and 1980. For the total direct aerosol effect the RF in 2010 was −0.48±0.32 W m −2 . The direct aerosol effect strengthened rapidly between 1950 and 1960 and has been stable and slightly weakening over the last decades. The main anthropogenic forcing is the long lived greenhouse gases with RF in 2010 of 2.83±0.28 W m −2 . Looking at the historical time period, and accounting for all well established RF mechanisms, including the cloud lifetime effect, we find that the total anthropogenic RF declined between the 1950s and the 1970s, although the LLGHG RF increased. In 2010 the total anthropogenic RF was 1.4 W m −2 . The main sources of uncertainties are in the modelling of the indirect aerosol effects as well as in the emissions inventory for the aerosols and aerosol precursors. There is a lack of historical observational data for short lived components which could be used to validate the model results. Therefore more model studies should be preformed and several consistent emission inventories considering tropospheric O 3 and aerosol precursors would be useful, especially for biomass burning emission data. To understand recent climate change and to constrain climate sensitivity based on observed air temperatures and ocean heat content, not only RF for present day relative to pre-industrial times and its uncertainty are important, but also the temporal path of the radiative forcing over the industrial era.
